Abstract The shallow velocity structure of the Lucky Strike segment of the Mid-Atlantic Ridge is investigated using seismic refraction and reflection techniques applied to downward continued multichannel streamer data. We present a three-dimensional velocity model beneath the Lucky Strike Volcano with unprecedented spatial resolutions of a few hundred meters. These new constraints reveal large lateral variations in P wave velocity structure beneath this feature. Throughout the study area, uppermost crustal velocities are significantly lower than those inferred from lower resolution ocean bottom seismometer studies, with the lowest values (1.8-2.2 km/s) found beneath the three central volcanic cones. Within the central volcano, distinct shallow units are mapped that likely represent a systematic process such as burial of older altered surfaces. We infer that the entire upper part of the central volcano is young relative to the underlying median valley floor and that there has been little increase in the layer 2A velocities since emplacement. Layer 2A thins significantly across the axial valley bounding faults likely as the result of footwall uplift. The upper crustal velocities increase with age, on average, at a rate of~0.875 km/s/Myr, similar to previous measurements at fast-spreading ridges, suggesting hydrothermal sealing of small-scale porosity is progressing at normal to enhanced rates.
Introduction
Since the early seismic investigations of mid-ocean ridge crest structure in the mid-1970s [e.g., Orcutt et al., 1976] , numerous active-source seismic surveys have been conducted to study the emplacement, structure, and evolution of the oceanic crust. These experiments have provided evidence for a relatively uniform crustal structure at fast-spreading ridges, but a much more heterogeneous structure at their slow-spreading counterparts, indicative of a more complex origin and evolution.
With the exception of some specific features like transform faults, propagating rifts, and overlapping spreading centers (OSCs) [see: Macdonald and Fox, 1983; Carbotte and Macdonald, 1992; Kent et al., 2000; Combier et al., 2008] , fast-spreading ridges present a quasi two-dimensional structure, with a relatively simple morphology [Macdonald, 1982 [Macdonald, , 2001 ], a well-defined seismic structure [Harding et al., 1989; Vera et al., 1990; Harding et al., 1993; Kent et al., 1993] and a quasi steady state melt body [Detrick et al., 1987; Singh et al., 1998; Carbotte et al., 2000] .
Slow-spreading ridges, on the other hand, show greater three-dimensional structure, with a much rougher surface morphology [Macdonald, 1982; Tucholke and Lin, 1994] and heterogeneous seismic structure [Tolstoy et al., 1993; Hooft et al., 2000; Arnulf et al., 2011 Arnulf et al., , 2012 . While melt bodies have been imaged beneath some segment centers [Sinha et al., 1998; Singh et al., 2006] , others show no melt body and in no instance has a continuous melt body been observed beneath an entire segment. Seafloor outcrops also exhibit great diversity, with pillow lavas, dikes, gabbros, and even ultramafics found in seafloor samples [Cannat et al., 1995; Blackman et al., 2002; Boschi et al., 2006] . Strong tectonic processes are evidenced by detachment faults [Cann et al., 1997; Dick et al., 2008; Canales et al., 2008; Blackman and Collins, 2010] , axial valley faults and the preponderance of fractures and fissures.
In such a complicated environment, three-dimensional imaging is necessary to accurately characterize crustal structure and thus advance our understanding of crustal accretion. Three-dimensional active seismic refraction experiments using ocean bottom seismometers (OBSs) with deployments on a 5 km grid reveal crustal structure ARNULF ET AL.
at spatial scales approaching 5 km horizontally and 2 km vertically [Seher et al., 2010a ], but do not typically have the spatial resolution needed for detailed studies of the uppermost crust [Collins et al., 2009] .
In this paper, we use a combination of the Synthetic Ocean Bottom Experiment method (SOBE) [see Harding et al., 2007; Arnulf et al., 2011 Arnulf et al., , 2012 Henig et al., 2012] and three-dimensional tomography to derive a highresolution three-dimensional seismic tomographic image of the uppermost kilometer of oceanic crust at Lucky Strike Volcano on the Mid-Atlantic Ridge (MAR). The resulting velocity model reveals velocities within the uppermost crust (seismic layer 2A) with an unprecedented resolution of a few hundred meters, comparable to that of multichannel seismic (MCS) reflection imaging, and we use the final 3-D velocity structure to explore fundamental links between magmatic, tectonic, and hydrothermal processes beneath the Lucky Strike Volcano.
Background
The 70 km long Lucky Strike segment of the Mid-Atlantic Ridge (MAR) is centered at 37.3°N, south of the Azores triple junction. With a full spreading rate of 2.1 cm/yr [Demets et al., 1994] , it is characterized by several features common to slow spreading segments, including a broad (15-20 km wide) median valley, nodal basins near the segment ends, and a topographic high at the segment center [Fouquet et al., 1995] (Figure 1 ).
The segment center is capped by the 0.3-0.4 km high, 7 km wide Lucky Strike Volcano, and the median valley is bounded by 0.5-0.9 km high escarpments known as the East and West Bounding Faults (EBF/WBF) [Detrick et al., 1995] . The Lucky Strike Volcano hosts three highly fractured summit volcanic cones made of highly vesicular volcanic breccias and pillows surrounding an unfaulted flat lava lake capped by fresh, low vesicularity massive lava flows [Ondréas et al., 1997 [Ondréas et al., , 2009 Humphris et al., 2002] . The lava lake is surrounded by an active hydrothermal field that consists of massive polymetallic sulfide deposits and standing inactive and active chimneys [Ondréas et al., 1997 [Ondréas et al., , 2009 Humphris et al., 2002] (Figure 1b ). Vents within this field include high temperature, black smoker chimneys venting fluids up to 333°C [Langmuir et al., 1997] . A low magnetization anomaly coincident with the lava lake and surrounding hydrothermal field is likely the result of demagnetization of extrusive rocks by focused hydrothermal flow [Miranda et al., 2005] . A linear neovolcanic zone seen in side-scan sonar [Scheirer et al., 2000] and near-bottom observations [Ondréas et al., 2009] , runs parallel to the rift valley walls and passes through the lava lake. Recent highly vesicular magmatism is also found on a volcanic edifice located northwest of the central volcano (the western volcanic ridge [Fouquet et al., 1994] ). Finally, lobate lavas, draped lavas, and massive flows were recognized north of these three summit mounds in ã 2.5 km wide graben that lies between the lava lake and the western ridge and also parallels to the rift valley walls [Ondréas et al., 1997] .
Rare gas analyses conducted by Moreira and Allegre [2002] suggest enhanced melt supply from the Azores hot spot, a proposition supported by the presence of anomalously shallow regions on both sides of the Lucky Strike segment, cut by V-shaped ridges propagating south from the Azores hot spot [Cannat et al., 1999; Escartín et al., 2001] . Teleseismic observations implying recent dike intrusion [Dziak et al., 2004] , the discovery of an axial magma chamber (AMC) reflector~3.5 km below the seafloor (bsf) [Singh et al., 2006; Combier, 2007] and the presence of a mantle Bouguer anomaly bull's-eye at the segment center provide evidence for focused melt delivery and thickened crust near the segment center [Detrick et al., 1995; Thibaud et al., 1998 ].
Two 3-D tomography models of the segment made using airgun shots to OBSs reveal two low-velocity zones (LVZs) within the axial valley: a shallow LVZ above the AMC (~3.5 km bsf), which may correspond to highporosity volcanic formations [Seher et al., 2010a] , and a deep LVZ beneath the AMC, which may contain partial Figure 1a marks the extent of the figures presented in Figures 1b and 1c ; the inset shows the location of the Lucky Strike segment on the MAR. Green lines mark the unrifted backsides of some rifted seamounts, the orange lines mark the extent of the Axial Magma Chamber (AMC) [Combier, 2007] , the dashed magenta lines bound the neovolcanic zone [Scheirer et al., 2000] , and the black rectangle shows the extent of the SISMOMAR 3-D survey. The blue lines mark the extent of the melt [Seher et al., 2010b] . Arnulf et al. [2011] reprocessed the MCS data from the central volcano using a combination of SOBE and 3-D travel time tomography, and proposed that the porosity boundary between the relatively low-porosity lava lake and the surrounding high-vesicularity volcanic cones could act as a preferential pathway for the up-going hydrothermal flow. Subsequently, Arnulf et al. [2012] combined a SOBE approach with full waveform inversion to obtain a high-resolution (~50 m in spatial resolution) P wave velocity structure of layer 2A of the upper oceanic crust along one selected MCS profile and suggested that the young shallow crust beneath the Lucky Strike Volcano is formed from a stack of volcanic sequences emplaced within the axial valley.
For young crust, seismic layer 2 is commonly divided into two sublayers (2A and 2B) that have velocities ranging between~2.2-5.0 km/s and~5.0-6.0 km/s, respectively, and are delimited by a transition zone with steep velocity gradient (>3 s
À1
) at the base of layer 2A, which produces a strong reflector on seismic reflection images [e.g., Harding et al., 1993; Vera and Diebold, 1994] . For decades, the origin of the velocity transition at the base of layer 2A has been interpreted either as the lithological boundary between extrusives and sheeted dike complex [Toomey et al., 1990; Harding et al., 1993] or as a porosity limit within the extrusive section associated with an hydrothermal alteration front or a fracture front [McClain et al., 1985; Burnett et al., 1989; Wilcock et al., 1992; Christeson et al., 2007] . At Lucky Strike, Arnulf et al. [2011] further subdivided layer 2A of the central volcano into 2Aa and 2Ab since, in reprocessed reflection data, they imaged a new shallow reflector lying at 100-250 m below the seafloor, distinct from the usual strong layer 2A reflector at depth. This layer 2Aa reflector was most clearly seen beneath the volcano summital edifices, and Arnulf et al. [2011] suggested that it might correspond to the boundary between lava sequences of different ages. The deeper, conventional layer 2A event was relabeled 2Ab.
Data and Methods
Although multichannel streamer data have been previously used in tomographic studies to constrain the velocity structure of the Corinth rift [Zelt et al., 2004] or to shed light on the complexity of oceanic crust at different locations on the Mid-Atlantic Ridge Xu et al., 2009] , here we present an augmented two-step methodology developed to create enhanced 3-D velocity models by first redatuming streamer data to the seafloor using the SOBE method, followed by first-arrival travel time tomography of emergent phases. The framework of this method was originally presented by Harding et al. [2007] , with extensions to 3-D outlined by Arnulf et al. [2011] .
Data Acquisition
The Seismic Study for Monitoring of the Mid-Atlantic Ridge (SISMOMAR) seismic experiment was conducted along the Lucky Strike segment in the summer of 2005 onboard the French RV L'Atalante. The experiment included two key parts: (1) a segment-scale OBS-based 3-D tomographic experiment consisting of a 50 km by 50 km grid of 10,403 sea surface air gun shots to a 32 × 26 km array of 25 OBSs, centered on Lucky Strike Volcano [Seher et al., 2010b] , and (2) a 3-D MCS experiment spanning the volcano consisting of 39 sail lines, each 18.5 km in length, spaced 100 m apart and recorded by a smaller array of 18 OBSs [Seher et al., 2010a] . For both objectives, a 360-channel, 4.5 km long digital hydrophone streamer with hydrophone group spacing of 12.5 m was towed at a nominal depth of 14 m. The source was a tuned, 18-element air gun array with a total capacity of 42.5 L (2594 in 3 ), fired every~37.5 m during the 3-D experiment and every~50 m during the segment-scale experiment. A total of 19,942 shots were fired during the 3-D MCS experiment, and data were recorded in 11 s long records sampled every 2 ms. Positions of receivers and sources were derived from shipboard and tail buoy GPS receivers and from 16 compass birds placed every 300 m along the streamer.
The Synthetic Ocean Bottom Experiment Method
During the SISMOMAR experiment, the hydrophone streamer recorded subseafloor reflections from seismic layer 2A (Figure 2a ) and the AMC [Singh et al., 2006] , as well as far offset subseafloor refraction events. However, most crustal refractions arrived behind the strong seafloor reflection at all but the farthest offsets and thus cannot be used in any straightforward manner to constrain uppermost crustal velocities. To overcome this limitation, we apply the SOBE method Arnulf et al., 2011; Henig et al., 2012] to downward continue or redatum [Berryhill, 1984] sources and receivers from the 3-D experiment to a depth close to the seafloor.
The SOBE approach is an application of downward continuation [Berryhill, 1984] that transforms seismic sources and receivers to a level at (conformal) or near (flat) the seafloor, simulating an on-bottom refraction experiment using sea surface MCS data. It essentially unwraps the layer 2A/2B triplication, moving the refracted energy in front of the seafloor reflection (Figures 2b and 2c ). This downward continuation closely replicates an on-bottom experiment such as near-bottom refraction experiment (NOBEL) [Christeson et al., 1994] , but with orders of magnitude greater sampling. Using this method, the shallow crust can be explored with unprecedented coverage, including a multitude of crossing raypaths not found in conventional OBS refraction experiments.
Downward continuation or wave-equation datuming can be implemented in different ways: (1) using the Kirchhoff integral [Berryhill, 1979 [Berryhill, , 1984 [Berryhill, , 1986 , (2) using a phase-shift approach [Gazdag, 1978] , or (3) using a finite difference solution of the wave equation. Downward extrapolation is a type of migration algorithm, and the trade-offs between the different approaches are extensively presented in the related literature.
In this study, the downward continuation of both shots and receivers from streamer data to a flat datum close to the seafloor was implemented using a prestack phase-shift approach. The wavefield was downward propagated in two steps. First, the receiver wavefield (360 traces) from each shot gather was extrapolated to a horizontal level just above the seafloor (Figure 2b ). Then, after sorting the data into a common receiver location space and recognizing source-receiver reciprocity, each source wavefield (120 shots per common receiver location gather) was extrapolated to the same depth ( Figure 2c ). To minimize aliasing, filtering was applied prior to each phase-shift extrapolation step in the FK domain. To minimize edge effects, the first 12 and last 12 traces were tapered using a sinusoidal weighting operator. Prior to the first extrapolation, the direct wave was muted from the data in the time-offset domain. Finally, after extrapolation, the data were reorganized back into shot gathers, and clear, emergent refracted arrivals were present at ranges 0.5-4.0 km as compared to 4.0-4.5 km on the original surface gather. The extent of the extrapolated arrivals depends on the distance between the extrapolation datum and the seafloor, the underlying velocity function, and local topography; therefore, the source-receiver range of extrapolated first arrivals changes slightly from one location to another.
Streamer Traveltime Tomography
Within the SISMOMAR 3-D experiment, up to~7 million source-receiver pairs were recorded. An important question for such a large MCS data set is when does the gain in model resolution from picking more arrivals reach the point of diminishing returns and simply take more time with little gain. To reduce the size of this data volume, only every fifth shot (~every 190 m) along each of the thirty-nine 100 m spaced lines was inverted. When counting source-receiver pairs with usable refracted arrivals, about 8% of all total pairs were used in the inversion. The decimation of the source-receiver pairs was justified by the fact that the data set, in some sense, laterally oversamples beyond the resolution that can be obtained from conventional traveltime tomography (covered more fully in Appendix A1). Even so this is a large data set and in order to speed up and increase the accuracy and consistency of picking, a semiautomatic tool that combined waveform crosscorrelation and cluster analysis [Sigloch and Nolet, 2006] was used. Also, to improve the efficiency of the 3-D inversion (i.e., reaching the global minimum), we needed the starting 3-D model to be as close as possible to the final structure.
To this end, first arrivals from every downward continued, fifth shot were picked and inverted for using source-receiver ranges extending between 0.5 and 4.0 km. To control the picking consistency along a given line, picks from the preceding shot were used to guide the current one. Initially, 10 equidistant 2-D profiles were analyzed and inverted starting from a 1-D velocity model attached beneath a 2-D seafloor ( Figure S1a in the supporting information). These 10 equidistant 2-D velocity models were then interpolated to generate an initial 3-D velocity cube. Using this interpolated velocity volume, predicted first arrival times for all remaining source-receiver pairs were calculated for the remaining 29, interleaved seismic lines. Approximately 560,000
Journal of Geophysical Research: Solid Earth 10.1002/2013JB010500 arrival times from~3400 shots were then picked quasi-automatically using a combination of waveform cross-correlation and cluster analysis [Sigloch and Nolet, 2006] on the set of predicted and existing picks ( Figure S1b ). During the cross-correlation step, the predicted picks for the current line were adjusted slightly so as to be consistent with existing picks. The 29 remaining seismic lines were then inverted in 2-D using starting models extracted from the initial 3-D velocity cube ( Figure S1c ). A new 3-D interpolated volume was created from the 39 best 2-D velocity models and used as the basis for the full 3-D traveltime inversion, reducing the number of 3-D iterations and thus the computational cost ( Figure S1d ).
The 2-D and 3-D velocity models were calculated using an updated version of the traveltime tomography code of Van Avendonk et al. [2004] suitable for the downward continued geometry that reduces traveltime errors associated with the discretization of the seafloor bathymetry. The velocities for the 39 2-D seismic lines were discretized on a 32 km long by 4 km deep model with 25 m grid spacing. The forward problem (ray tracing and traveltime calculation) was solved using a shortest path method [Moser, 1991] . Regularization was achieved by minimizing a cost function that penalizes a combination of data misfit (data residuals weighted by their uncertainties) and model roughness. We identified six sources of uncertainty in the traveltimes: (1) the uncertainty related to the shot location (~2 ms), (2) the uncertainty related to the receiver location (~2 ms), (3) the uncertainty related to the bathymetry (~7 ms), (4) the uncertainty related to the SOBE method (~5 ms), (5) the uncertainty related to the seismic ray tracing for shallow crustal Pg waves (~7 ms), and (6) the uncertainty of the traveltime picks themselves (~5 ms). We estimated the overall uncertainty (~12 ms) as the square root of the sum of the individual variances. The roughness operator was chosen to penalize the first and second derivatives of the velocity model.
In order to achieve the best fit in the 3-D inversion, the same parameters were used except that about 1% of the data were trimmed due to extreme misfit and the roughness operator penalized the second derivatives of the velocity model only. The subsurface velocity volume was 32 km long by 5 km wide by 3 km deep, and discretized on a 25 m regular grid.
Seismic Reflection Imaging
The first 25 traces of the downward continued seismic lines were sorted into common midpoint gathers (CMP) and stacked to produce seismic reflection images of the central volcano. A normal moveout velocity of 1.5 km/s was applied down to 250-300 m below a smoothed seafloor with 2.2 km/s being used below that level. Seismic sections from lines 15, 24, and 39 are presented in the next section. Figure 3a shows the P wave velocity distribution within the best fitting 3-D tomographic model as a function of depth below the seafloor. A velocity variability of 1.5-2 km/s is observed at each depth below the seafloor. This variability is necessary to adequately fit the data in both the 2-D and 3-D inversions. For the 10 initial 2-D models, traveltime residuals were reduced from~64 ms to~12 ms by the inversion ( Figure S1a ). The models for the remaining 29 profiles, being derived by 3-D interpolation, had lower initial traveltime residuals of 20-30 ms, but were ultimately fit to the same overall accuracy (~11 ms, Figure 4a Line 37), which also corresponds to the estimated pick uncertainty. Moreover, Figure 4a illustrates the fact that the data are equally well fit across nearly all source-receiver pairs with few coherent trends in the residuals. These residuals are evidence that the preferred 2-D models capture a significant part of the overall complexity (i.e., small-scale crustal heterogeneities) within the shallow crust underneath the Lucky Strike Volcano. 
Results

Three-Dimensional Velocity Structure
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The MCS profiles from the SISMOMAR 3-D experiment were shot across axis because the geology suggests that this is closest to a dip direction, thus minimizing out of plane propagation. However, the composite 3-D model constructed from the individual 2-D model will inevitably end up being rougher than necessary in the third direction, particularly in regions of greatest seafloor roughness. By inverting this data set explicitly as a 3-D cube, we obtain a model smoothed in all directions, one that can more readily be used to explore crustal processes. One potential advantage of a 3-D inversion is that it can correctly account for energy that propagates outside of the source-receiver plane, but this advantage is mitigated by the reliance of the downward continuation step on 2-D propagation. Nevertheless, the 3-D inversion improves model smoothness in the along-axis direction and allows us to identify unresolved 3-D structure from local increases in the residuals. The along-axis velocity section shown in Figures 4b and 4c , which cuts the southern volcanic cone and lava lake, highlights the difference between the composite 3-D model formed from 2-D models ("starting model"), and the result obtained with the full 3-D inversion. The 3-D inversion removes the velocity artifact observed at~0.25 km distance along-axis underneath the lava lake that could otherwise be misinterpreted. Overall the traveltime residuals of the preferred 3-D model follow a quasi Gaussian distribution with a zero mean and a standard deviation of 9.5 ms, Figures 4d and 4e. The uniformly low misfit across profiles also indicates that our preferred 3-D model has captured the majority of the 3-D structure. 
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The most common way to define the seismic layer 2A/2B boundary, inherited from 1-D velocity modeling, is to pick "by eye" a bend in the vertical velocity profile corresponding to a significant drop in the velocity gradient [Harding et al., 1989; Vera et al., 1990; Harding et al., 1993; Christeson et al., 1996; Hussenoeder et al., 2002a; Seher et al., 2010c] . Employing this method on the probability density function of all 1-D models extracted from the 3-D volume, indicates that the base of the layer 2A is typically at depths of~0.7-0.85 km (Figure 3a ). Another approach is to note that the base of the layer 2A also appears to be highly correlated with the velocity horizon of 4.8 ± 0.15 km/s and so this velocity could be used as a proxy for determining the depth of the layer 2A/2B boundary. However, neither picking the average depth where the velocity gradient drops nor using a constant velocity horizon can provide a universal rule for the base of the layer 2A in a complex 3-D structure such as Lucky Strike Volcano. In this study, the combination of a SOBE method and 3-D traveltime tomography has allowed, for the first time, the construction of a tomography structure of the upper oceanic crust with enough spatial resolution (~200 m vertically and~500 m laterally, see Appendix A1) to image the high-velocity gradient region at the base of layer 2A (>3 s À1 ). In the following analysis of Lucky Strike Volcano's velocity structure, we define the base of layer 2A using this highvelocity gradient region.
The region sampled by our 3-D tomographic experiment includes the Lucky Strike Volcano, the surrounding median valley, the eastern bounding wall and part of the western bounding wall, from the seafloor to a depth 1 km bsf. Vertical and horizontal slices from the resulting 3-D velocity cube are shown in Figures 5 and 6 . Ray Only the first 25 traces of each CDP gather were used to produce these stack sections. The average along-axis location of these seismic lines is, respectively, À0.6, 0.3, and 1.8 km.
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Overall, our tomographic model reveals velocities that are everywhere slower than 5.7 km/s in the upper 1 km (Figures 3a, 5a , and 6b). Vertical depth sections reveal a~200-300 m thick zone of high-vertical velocity gradient (> 3 s À1 ) (Figure 5b ) corresponding to the base of layer 2A [Arnulf et al., 2011] . To bring out some of the strong lateral velocity variations, the average 1-D velocity was subtracted from our best fitting model to create anomaly maps and sections (Figures 5c and 6c) . Broadly, velocities are low within the central volcano, average in the median valley, and high beyond the bounding faults (Figure 3b ), but in detail the behavior is more complex. For the purposes of further discussion the seismic structure will be divided into three different zones: (1) the median valley which surrounds the central volcano (À8 km to À3.85 km and 2.7 km to 5 km across axis), (2) the central volcano (between À3.85 km and 2.7 km across axis), and (3) the eastern crust beyond the axial valley (5-8 km across axis).
Within the median valley, our tomography model reveals velocities typical of young layer 2A [Harding et al., 1989; Christeson et al., 1994; Hussenoeder et al., 2002b] , ranging from 2.2 km/s at the seafloor to~4.8 km/s at the base of the transition region; the highest velocities (4.9 ± 0.2 km/s) being observed within upper layer 2B (Figures 5a and 6b) . Along-axis, the seismic structure appears to be laterally homogeneous and no strong velocity variations are noted. In this region, the base of layer 2A is well approximated by the 4.8 km/s velocity horizon ( Figure 5b ) and lies close to the base of our velocity structure, just above the region of elevated derivative weight sum that identifies where refractions from the top of layer 2B turn (Figure 5d ). In the vicinity of the axial valley bounding faults, two elongated zones of anomalously high velocity (+0.4 to +1 km/s) are revealed (Figures 5c and 6c) , in addition to an anomalously thin layer 2A (~400 m). 
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In comparison to the typical layer 2A velocity structure observed beneath the median valley, maps, and slices through the central volcano reveal an anomalously low-velocity region (Figures 5c and 6c) , with slight lateral changes in velocity structure. The layer 2A P-wave velocities are slower than those observed in the median valley and range between 1.7 km/s and~4.75 km/s (Figures 3, 5a , and 6b). The base of the high vertical gradient zone in P-wave velocity has shoaled beneath the central volcano (Figure 5b ). The transition between 2A and 2B is still imaged on the ray density sections since deeper refractions preferentially turn within the top of layer 2B (Figure 5d ). Interestingly, this high-velocity gradient zone within layer 2A underlies a shallow and quite uniform low-velocity region that extends throughout the central volcano (see Figures 5c and 6c-depths slices 100 m and 250 m). Nevertheless, some strong lateral and vertical velocity variations are present within the central volcano. Indeed, narrow pipelike zones of lower velocities are found below the three volcanic cones, extending to the bottom of our model (Figures 5c and 6c) . The extended anomalies are much stronger beneath the southern and northwestern volcanic edifices, being similar in magnitude to the velocity anomaly of the western volcanic ridge (Figures 5c-Line 39 and 6c). However, extremely low velocities (1.8 to 2.2 km/s) are observed underneath all the volcanic mounds down to 300 m bsf, in contrast to the typical velocities (> 2.2 km/s) [Harding et al., 1989; Christeson et al., 1994; Hussenoeder et al., 2002b] present within the surrounding region and beneath the lava lake (Figures 5c and 6b ). Furthermore, a deep low-velocity unit is observed on the northeastern side of the central volcano (Figures 5c and 6c ). This last observation is consistent with previous OBS tomography results reported by Seher et al. [2010a] .
The crustal velocities within the eastern wall of the axial valley (off axis) shows a thinner~500 m and fairly homogeneous layer 2A except beneath the topographic high at 5.75 km across axis (Figures 5 and 6 ). Below this mound, a low-velocity region is observed and the high-velocity gradient is pulled away from the base of the model, echoing the behavior beneath the central volcano. Furthermore, based upon the velocity anomaly slices (Figures 5c and 6c ) and local velocity distributions (Figure 3b ) layer 2A and 2B velocities are measurably faster off axis. Across axis, a velocity increase of 0.5-0.8 km/s is observed within layer 2A, while a slight increase from~4.75 km/s to~4.95 km/s is found within the shallowest part of layer 2B (Figures 3b, 5c , and 6c). 
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Combined Seismic Reflection/Refraction Imaging
Traditionally, traveltime tomography methods oversmooth the vertical and horizontal velocity structure of the upper crust, whereas conventional multichannel seismic (MCS) processing highlights impedance contrasts while yielding little direct information on velocity. The conventional reflection and refraction methods thus provide complementary but incomplete images of the oceanic crust, and a joint analysis of both methodologies can lead to a better interpretation of seismic images. Figure 7 shows that in addition to the strong layer 2A reflector at depth (marking the transition between layer 2A and B), there is a shallower reflector imaged at 100-350 m (0.1-0.45 s below the seafloor (bsf)), which Arnulf et al.
[2011] recognized as originating from the top of the region of high-vertical velocity gradient and termed the layer 2Aa reflector. This reflector is nearly ubiquitous beneath the central volcano and is distinct from the conventional layer 2A reflector, which, following Arnulf et al.
[2011] relabeled, reflector 2Ab. Beyond the central volcano, within the median valley, the continuity of the layer 2Aa reflector can only be inferred using the vertical velocity gradient sections (Figures 8b, 9b , and 10b) because, on the seismic reflection sections, the corresponding reflection is either absent or merged with the seafloor arrival. The distribution of the layer 2Aa reflector within the oceanic crust at slow spreading ridges is, as yet, unknown. Even at fast-spreading ridges a double step transition to layer 2A is reported in some areas (e.g., 9°N [Vera et al., 1990; Christeson et al., 1994] and 17°S [Hussenoeder et al., 2002b] ) but not others, although this may represent, in part, an analysis bias that will lessen as techniques improve. Furthermore, within the central volcano several low-frequency and laterally continuous reflections are imaged at depths less than 150 m below the seafloor reflection (<0.2 s bsf). These shallow reflectors are further characterized by their own distinct high-velocity gradient zones (Figures 8, 9 , and 10) and separate the extremely low-velocity lava regions (1.8-2.2 km/s) from the more typical basaltic crust below (>2.2 km/s). Interestingly, these shallow volcanic layering also appear to be nearly ubiquitous across the central volcano, where the final 3-D tomographic model reveals extremely low velocities (Figures 8a, 9a , and 10a).
In general, the layer 2Ab reflection originates from the bottom of the high-velocity gradient layer that forms the lower limit of layer 2A, except beneath the lava lake and surrounding volcanic mounds. For example, on the seismic line 24, Figure 9 , there is a~0.2 s discrepancy between the base of the high gradients and the layer 2Ab reflection. In fact, beneath the lava lake and the surrounding volcanic mounds, the highest-velocity gradients within layer 2A produce the 2Aa reflection and it is a second high-velocity gradient layer of smaller amplitude (~3 s À1 ) that marks the transition between the layers 2A and 2B. Finally, one can notice a significant drop in the seafloor reflection amplitude at the three volcanic cones and at the northwestern volcanic ridge (Figure 7 ). This drop in the seismic impedance contrast is consistent with the lower velocities imaged by the tomographic inversions.
To summarize, the shallow crust beneath the Lucky Strike Volcano presents three distinct seismic velocity units delimited by the layer 2Aa and 2Ab reflectors, respectively. From seafloor depth down to the layer 2Aa reflector, there is a 250-350 m low-velocity layer (<3.0 km/s) composed of several distinct sequences. It overlies a 300-350 m thick high-velocity gradient zone delimited, respectively, by the layer 2Aa and 2Ab reflectors, except beneath the lava lake where an extra high-velocity gradient layer, underlying the main high-velocity gradient layer, marks the transition between 2A and 2B. Within this layer, velocities increase rapidly from~3.0 km/s to~4.5 km/s. At the base of this high-velocity gradient zone, the layer 2Ab reflector marks the transition between layer 2A and B.
5. Discussion
Comparison With Previous Ocean Bottom Seismometer Tomography
During the SISMOMAR experiment, seismic refraction data were also acquired by an array of 18 ocean bottom seismometers (OBSs) deployed in an 18 × 10 km 2 box around the central volcano. The source array was the same as for the seismic reflection experiment and the refraction data were analyzed by Seher et al. [2010a] . A low-velocity region within the median valley, and a low-velocity anomaly underneath the central volcano were discovered (Figure 11a ). However, the OBS tomography model captures only the larger wavelength features with reduced amplitude. Furthermore, the OBS tomographic model seems to be only moderately constrained, at best, at shallow depths (<600-800 m) within the central volcano, with vertical smearing likely to greater depths. In contrast, the SOBE results suggest that the upper low-velocity anomaly is confined to the upper 500 m of the crust (Figure 11b ). The combination of a SOBE method, with its artificial near-seafloor geometry, and 3-D traveltime tomography produces velocity models with horizontal and vertical resolutions of hundred of meters that are beyond the reach of conventional OBSs experiments with deployments on a 5 km grid. Moreover, if we take the current SOBE model as reference (Figure 11c ), we can examine the errors within the OBS model. In fact, the largest systematic error in the OBS model is the lack of vertical resolution in the upper~600 m of crust (Figure 11c ). At shallow depths <600 m bsf, the crustal velocities given by the SOBE (Figures 11b and  11c ). The OBS-based traveltime tomography inversion method overestimates velocities at shallow depths as a result of the lack of turning rays and the smoothness regularization operator, which minimizes the curvature of the velocity model.
Therefore, by using a new methodology that combines a "Synthetic Ocean Bottom Experiment" geometry and 3-D traveltime tomography, our study produces significant improvements in tomographic imagery and spatial resolution (see Appendix A1). Interpretation of the 3-D model in conjunction with MCS profiles potentially provides new insights into the processes shaping upper crustal structure at slow spreading ridges.
Average Layer 2A and 2B Velocities Versus Age Versus Emplacement History
Numerous seismic surveys have been conducted to study the structure and creation of the oceanic crust at diverse locations on fast, intermediate and slow spreading ridges. A compilation of some representative results is presented in Figure 12a . The on-axis layer 2A thickness at fast-spreading ridges Hussenoeder et al., 2002b] appears to be <275 m while the common velocity at the base of the layer 2A ranges between 5.2 and 5.5 km/s. In comparison, at intermediate [Cudrak and Clowes, 1993; McDonald et al., 1994; Canales et al., 2005] and slow spreading ridges [Minshull et al., 2003; Hussenoeder et al., 2002a; Seher et al., 2010c] , the typical layer 2A thickness is 250-400 m and 375-750 m, respectively, while the basal velocity is 4.8-5.3 km/s and 4.6-5.0 km/s. From the previous results, the expected velocity of zero-age crust at the surface at all these spreading centers is~2.1-2.6 km/s, although some back arc locations are even slower [Jacobs et al., 2007] . Overall, our velocity model is similar to those of Minshull et al. [2003] (MAR, 8-9°S) and Seher et al. [2010c] (Lucky Strike segment, MAR~37.3°N) and yields velocities that are lower than the existing velocity compilation at slow spreading ridges [White et al., 1992; Henig et al., 2012, Figure 7] . In fact, the Lucky Strike area and the MAR between 8 and 9°S were chosen for study because they are two unusually shallow, hot spot-influenced segments. Thus, while layer 2A is unusually thick in these regions compared to other spreading rates, there is likely a selection bias : Hussenoeder et al. [2002a] gets smaller layer 2A thickness at the 35°N segment of the MAR with a small hot spot influence. One other notable difference is that a significant portion of our velocity model represents velocities lower than 2.2 km/s, which is below the expected velocity of zero-age oceanic crust. This can be attributed to the low-velocity constructional central volcano and more particularly to the extremely low-velocity, high-porosity summit volcanic mounds.
The layer 2B velocities from this study can be compared with previous studies of Lucky Strike [Seher et al., 2010c] and the OH-1 segment of the MAR at 35°N [Hussenoeder et al., 2002a; Seher et al., 2010c] , both of which report 1-D velocity models based on analysis of selected gathers. Seher et al. [2010c] report pairs of on-axis and off-axis velocity models for an extended flow line MCS profile crossing the central volcano. On-axis, layer 2B velocities are, as expected, comparable to velocities reported here, but upper layer 2B velocities for~2 Ma old crust on either side of the axis are~5.6 km/s. This is significantly faster than the off-axis velocities found here of~4.95 km/s for crust with a maximum age of~0.8 Ma (Figure 3b ). One possibility is simply that the increase in 2B velocity accelerates at ages beyond our study region. Alternatively, the off-axis measurements from Seher et al. [2010c] might be unrepresentative of the average upper 2B velocities. At present, the only systematic study of layer 2B velocities along flow lines is for the Juan de Fuca ridge and there systematic increases cease after 0.5 Ma although layer 2B velocities may still vary between 5 and 6 km/s in older crust [Newman et al., 2011] . For the OH-1 segment, Hussenoeder et al. [2002a] found upper layer 2B velocities around 5 km/s for crustal ages between 0 and 1.9 Ma with no apparent age trend. The outliers were a pair of models from a CMP profile collected on the eastern terrace of the segment over 0.7 Ma crust that had upper layer 2B velocities exceeding 6 km/s. Unlike the other profiles, the corresponding stacked section lacked a coherent layer 2A reflection suggesting it was indeed anomalous. There is no obvious anomalous structure along the profile examined by Seher et al. [2010c] , even so, if Newman et al. [2011] is a guide then velocity variations this large may be expected on flow line profiles without any overall trend. The evolution of layer 2B velocities at the MAR warrants further study.
On the basis of a compilation of published seismic survey data, Grevemeyer et al. [1999] has shown that in crust < 1 Ma old, seismic velocities within the layer 2A are commonly < 3 km/s. Moreover, they found that velocities rise rapidly to a typical value of mature oceanic crust (~4.3 km/s), nearly doubling in 8-10 Ma and remaining essentially unchanged thereafter. deformation model [Gangi and Carlson, 1996] . In this model, the variation of layer 2A velocity with age, V(t) is written as
where t is age in Ma, and m and b are constants that depend on the asperity distribution and rate at which grain contacts increase. Our own version of Carlson Figure 12b . To obtain the velocity versus age curve for Lucky Strike, we averaged the 3-D velocity model within the first 200 m bsf and in the y direction parallel to the ridge axis (Figures 12b and 12c) . The distance across axis was converted to age using a half spreading rate of 1 cm/yr. 
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Comparing the mean velocity profile to bathymetry, reveals that layer 2A velocities are nearly constant at 2.1-2.2 km/s within the central volcano, increase rapidly to reach 2.7 km/s at the transition to axial valley floor, and then follow the trend of the aging curves. The low velocities for the central volcano suggest that it is a young constructional feature relative to the surrounding valley floor (Figure 12 ) and there has been little increase in the layer 2A velocities since emplacement, an inference consistent with the widespread observation of recent lava deposits.
Average seafloor velocities increase from~2.2 km/s to~2.9 km/s over~0.8 Ma, following the overall trend of our modified version of the aging curve from Carlson [2004] (Figure 12b ). An earlier compilation of layer 2A measurements [Carlson, 1998 ] suggests an even faster increase in velocity with age, Figure 12b . However, as yet, no measurements along individual flow line profiles have reported a velocity increase this rapid. The smaller increase for young ages, < 2 Ma in the revised curve of Carlson [2004] is constrained by the results of Grevemeyer et al. [1999] for a transect of ultrafast spread crust formed at 14°S on the East Pacific Rise. A later study by Nedimovic et al. [2008] of flow lines from the intermediate spreading Juan de Fuca ridge reports even smaller rates of increase between 0.10 and 0.27 km/s/Ma with the higher rates associated with rapid sedimentation on the east flank of the ridge. Hussenoeder et al. [2002a] found means velocities of 2.83 and 2.74 for single MCS profiles on 1.6 and 1.9 Ma crust, respectively. The more rapid velocity increase at Lucky Strike (~0.875 km/s/Myr) indicates that the sealing of small-scale porosity is progressing at normal to enhanced rates, perhaps a reflection of the vigor of the hydrothermal circulation. The mean velocities at the east and west ends of the profile, 2.7 and 2.9 km/s, are comparable.
At the eastern edge of the profile, beyond the boundary fault, average velocities drop down to between~2.5 and 2.7 km/s, about 0.3-0.4 km/s slower than the aging curve (Figure 12b ). This drop may represent a retrograde decrease in seafloor velocity associated with faulting and uplift, inherited background variability in velocity, or changes in the rate of aging. The largest, most deep seated anomaly, is associated with a bathymetric high that Seher et al. [2010a] suggest is an old rifted volcanic cone, and it seems likely that, as with the present summital cones, it had lower initial velocity and this has been preserved with age ( Figure 12d ).
Volcanism in the Upper Crust
Our analysis shows that the upper oceanic crust at the center of the Lucky Strike segment can be separated in two different distinct units. The first unit, located beneath the median valley, presents a typical layer 2A structure, including velocities ranging between~2.2 and~5.2 km/s, a high-velocity gradient at the base of the layer 2A and a bright seismic reflector (2Ab) marking the transition between 2A and 2B (Figures 5, 6, 8, 9 , and 10). The structure of the oceanic crust beneath the median valley is thus similar to the one observed at intermediate to fast-spreading ridges with steady state magma chambers except that layer 2A is measurably thicker (~750 m) than is the norm for the axis of fast-spreading segments (<250 m). On the other hand, geophysical evidence for a geologically young Lucky Strike Volcano comes from both the tomographic model and seismic reflection profiling.
First, our tomographic structure shows that the average layer 2A velocity within the upper~200 m across the central volcano is 2.1-2.2 km/s (Figure 12b ) in line with expectations for zero-age basaltic oceanic crust. Any lower velocities are in some sense unusual and prompt an explanation. The extremely low-velocity (~1.8-2.2 km/s) and low-reflection amplitude of the summit volcanic mounds could be because they are made solely of pillow lavas with a large amount of void space. In fact, since the eruptions on the central volcano probably tap a single large magma chamber, factors such as the eruption rate and viscosity likely control the nature of the erupted lava and create resolvably heterogeneous structures. Alternatively, the volcanic mounds could have undergone a high degree of fracturing [Humphris et al., 2002] . More likely, a combination of these causes is responsible for the low velocity. From the significantly lower velocities in the upper crust Arnulf et al.
[2011] estimated a maximum porosity range of 25-35% for the summit volcanic mounds, higher than the 10-20% previously suggested by Seher et al. [2010a] from OBS data.
Second, multiple subhorizontal seismic reflectors lie within the shallow, high-vertical velocity gradient units of the tomographic model (Figures 8-10 ) and appear to delimit overlapping volcanic episodes of different ages as presented by Arnulf et al. [2012] . These volcanic episodes are most clearly identified within the anomalously low-velocity central volcano. Similarly, the layer 2Aa reflector is nearly ubiquitous beneath the
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central volcano, and so we suggest that the large lateral continuity of these shallow volcanic layers and of the layer 2Aa surface have a similar origin. These events may represent a quasi-systematic process such as burial of older altered surfaces or paleoseafloors, in other words they may correspond to the boundary between older crust and a newer sequence of eruptions after a hiatus in activity. Thus, the different shallow velocity layers could correspond to different volcanic episodes within the central volcano. This view is in good agreement with the model proposed by Smith and Cann [1993] , where significant structures within the inner valley floor of the Mid-Atlantic Ridge are an agglomeration of multiple smaller features and eruptions. Therefore, we propose that the crust within the central part of the Lucky Strike segment likely alternates between having a fast spread-like structure of continuous dike injection albeit over a broader injection width and phases of excess magmatism that create the current central volcano or the rifted cones present in the valley walls (Figure 1) . If, though, the layer 2Aa reflector is a more general phenomenon, it could correspond to an alteration front that marks the upward progression of hydrothermal mineralization processes through the basaltic crust as described by Peterson et al. [1986] albeit with a lower velocity gradient.
In the vicinity of the axial valley faults, the tomography model resolves two elongated zones of anomalously high velocity and an anomalously thin layer 2A. One explanation of this phenomenon is as tectonic thinning of a geological layer of relatively constant thickness, a result of the two axial bounding normal fault systems. This explanation would be independent of whether, as previously suggested, the layer 2A/2B transition is a lithological boundary [Toomey et al., 1990; Harding et al., 1993] , alteration front, or even fracture front [McClain et al., 1985; Burnett et al., 1989; Wilcock et al., 1992; Christeson et al., 2007] , provided it is relatively unaffected by the fault system.
As previously noted, detailed seafloor geologic mapping of the central volcano summit [Fouquet et al., 1994; Ondréas et al., 1997 Ondréas et al., , 2009 Humphris et al., 2002] has recorded a wide diversity of volcanic deposits. Similarly, seismic heterogeneity within the central volcano is high, notably in the vicinity of the lava lake, surrounding hydrothermal vents, and the summit volcanic edifices (Figures 5 and 6 ) all located within the neovolcanic region [Scheirer et al., 2000] . At these locations, geological mapping and seafloor observations [Fouquet et al., 1994; Ondréas et al., 1997 Ondréas et al., , 2009 Scheirer et al., 2000; Humphris et al., 2002] have revealed important variations in the fracture density and differences in the nature of lavas that are strongly correlated with our velocity anomalies, probably through changes in porosity and/or crack distribution and shape. At the three summit edifices and at the northwestern volcanic ridge, the observed low velocities (<2.2 km/s) are in good agreement with the presence of highly porous pillow lava deposits. Nevertheless, these velocities are lower than typical layer 2A which also has pillow lavas, so either there is a greater preponderance of pillows versus massive flows or the mounds overall are more porous due perhaps to higher viscosity lavas or enhanced fracturing. In the same way the higher velocities (>2.2 km/s, Figures 5 and 6) observed at the lava lake and around the different summital volcanic mounds are well correlated with the lower porosity massive lava flows, polymetallic sulfides, and draped/lobate lavas noted in these regions. We therefore suggest that the narrow vertical zone of slightly higher velocities and probably lower porosities below the lava lake ( Figure 6 ) correspond to an intrusive pipe overlaid by massive lava flows. A low-velocity unit is also observed at the northeastern edge of the central volcano at 550-700 bsf (Figures 5c and 6b ). This low-velocity unit is not linked to surface observations but might correspond to a buried paleovolcanic episode that retains part of its initial higher porosity. Similarly, on the eastern wall of the central valley the old rifted volcanic cone appears to have maintained its initial relatively low velocity and high porosity.
6. Conclusions 3. The extremely low velocity (~1.8-2.0 km/s) of the summit volcanic mounds are most likely due to a combination of inherent porosity (high-vesicularity pillow basalt) and a high degree of fracturing [Humphris et al., 2002] . 4. Within the central volcano, seismic reflection images map several shallow reflectors that may represent a quasi-systematic process such as burial of older altered surfaces or paleoseafloors. 5. We show that layer 2A is thicker (~700-850 m) than is the norm even for slow spreading ridges (375-750 m), which is consistent with the center of the Lucky Strike segment being anomalously magmatic. 6. Finally, we show that hydrothermal sealing of small-scale porosity is progressing at normal to enhanced rates (~0.875 km/s/Myr) over a 0.8 Ma region.
Appendix A: Image Resolution A1. Checkerboard Tests Two-dimensional checkerboard tests with different velocity anomaly patterns were conducted to assess the spatial resolution of the final velocity models ( Figure A1 ). Several synthetic velocity models were first created by adding a 2-D sinusoidal velocity perturbation with maximum amplitudes of ±20% of the background velocity to the best fitted model shown in Figure 5a (seismic line 15). The horizontal and vertical wavelengths of the perturbations were chosen to be identical and the half wavelength of the perturbations was set at 1 km, 0.8 km, 0.6 km, and 0.4 km. These synthetic velocity models were then used in the forward calculation to create different sets of synthetic traveltimes using the same geometry as shot during the survey. Next, starting from the best fitting velocity model (Figure 5a , seismic line 15), the synthetic traveltimes were inverted using the same parameters as in our 2-D tomographic inversions. The results of four of these different synthetic tests are shown in Figure A1 . For all the tests, a chi-square of 1.0-1.1 and traveltime residuals approaching 10-13 ms were reached. The different resolution tests indicate that features as small as~500 m are well recovered by the inversion from seafloor depth down to approximately 1 km bsf. These results are consistent with the ray density sections from Figure 5d , which show that the uppermost kilometer of crust is densely covered by a multiplicity of turning rays. Furthermore, they can be compared directly to the resolution tests presented by Seher et al. [2010a] where only features of 2-4 km wavelengths were resolved by the OBS survey, and to the results of streamer tomography without downward continuation Xu et al., 2009] , where features of~1.5 km were meaningfully resolved at subseafloor depths.
These checkerboard tests suggest that the every fifth shot decimation is reasonable. Since we are picking all arrivals in the offset direction a reasonable way of checking the effect of the decimation is to look at the data in constant offset sections ( Figure A2 ). The main variations are captured but both the picks and the model predictions miss a bit at the sharpest corners in the data ( Figures A2b, A2d , and A2f). Similarly, we can make an assessment of the likely 3-D resolution without resorting to the large computational expense of a full 3-D test. The distance between the seismic lines in the 3-D data set is~100 m, approximately one fourth of the smallest half wavelength pattern recovered by our 2-D resolution test. Thus, we would expect that the alongaxis horizontal resolution should be similar to the one recovered by our 2-D checkerboard test.
A2. Sensitivity to a High-Velocity Gradient Layer, a "Layer 2A" Test Vertical and horizontal resolutions are not necessarily identical, and because of the nature of the turning refraction rays one should expect better vertical resolution than horizontal. Figure 5b shows that a 200-350 m thick high-velocity gradient region is imaged within our tomography structure and one might question the vertical resolution of the recovered tomography structure to resolve such a feature. To address this question, a realistic layer 2A velocity model was created by hanging a 1-D velocity model, showing a~250 m thick highvelocity gradient region with sharp edges, beneath the seafloor (Figures A3a and A3b) . This "true" velocity structure was then used in the forward calculation to create a set of synthetic traveltimes. Starting from a simple velocity model presenting a fairly uniform vertical velocity gradient (1-2 s À1 , Figures A3c and A3d) , the synthetic traveltimes were then inverted using the same parameterization as during the survey. The final velocity structure (Figures A3e and A3f) was recovered after nine iterations when a chi-square of 1 and traveltime residuals of~11 ms were reached. Our final SOBE tomography structure isolates layer 2A as a highvertical velocity gradient region (Figures A3e, A3f, and A4) and therefore attests to the high-vertical sensitivity of the refraction data. However, the fine-scale gradient structure is not fully resolved by our inversion due to the smoothness regularization operator that is used to stabilize traveltime tomography, which minimizes the gradient and the curvature of the velocity model. In fact, while upper layer 2A and 2B velocities appear to be well resolved, the thickness of the high-velocity gradient region is slightly overestimated and the gradient within this layer is slightly underestimated ( Figure A4) . Finally, Figure A3 shows how well the velocity gradient contour of~3 s À1 maps the depth and extent of layer 2A within our recovered tomography structure. Velocity difference between the final and true velocity structures. The fine-scale gradient structure is not fully resolved by our inversion due to the smoothness regularization operator that is used to stabilize traveltime tomography, which minimizes the gradient and the curvature of the velocity model. The dashed black lines are the 3 s À1 vertical velocity gradient contours from the final velocity structure ( Figure A1f ).
